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Dissolved iron (DFe) and total dissolvable Fe (TDFe) were measured in January–February 2009 in Pine
Island Bay, as well as in the Pine Island and Amundsen polynyas (Amundsen Sea, Southern Ocean). Iron
(Fe) has been shown to be a limiting nutrient for phytoplankton growth, even in the productive
continental shelves surrounding the Antarctic continent. However, the polynyas of the Amundsen Sea
harbor the highest concentrations of phytoplankton anywhere in Antarctica. Here we present data
showing the likely sources of Fe that enable such a productive and long lasting phytoplankton bloom.
Circumpolar Deep Water (CDW) ﬂows over the bottom of the shelf into the Pine Island Bay where DFe
and TDFe were observed to increase from 0.2 to 0.4 nM DFe and from 0.3–4.0 to 7–14 nM TDFe,
respectively. At the southern end of Pine Island Bay, the CDW upwelled under the Pine Island Glacier,
bringing nutrients (including Fe) to the surface and melting the base of the glacier. Concentrations of
DFe in waters near the Pine Island Glacier and the more westward lying Crosson, Dotson, and Getz Ice
Shelves varied between 0.40 and 1.31 nM, depending on the relative magnitude of upwelling, turbulent
mixing, and melting. These values represent maximum concentrations since associated ligands (which
increase the solubility of Fe in seawater) were saturated with Fe (Thuróczy et al., 2012). The TDFe
concentrations were very high compared to what previously has been measured in the Southern Ocean,
varying between 3 and 106 nM. In the Pine Island Polynya, macronutrients and DFe were consumed by
the phytoplankton bloom and concentrations were very low. We calculate that atmospheric dust
contributed o 1% of the Fe necessary to sustain the phytoplankton bloom, while vertical turbulent eddy
diffusion from the sediment, sea ice melt, and upwelling contributed 1.0–3.8%, 0.7–2.9%, and 0.4–1.7%,
respectively. The largest source was Fe input from the PIG, which could satisfy the total Fe demand by
the phytoplankton bloom by lateral advection of Fe over a range of 150 km from the glacier. The role
of TDFe as a phytoplankton nutrient remains unclear, perhaps representing an important indirect
Fe source via dissolution and complexation by dissolved organic ligands (Gerringa et al., 2000;
Borer et al., 2005).
& 2012 Elsevier Ltd. All rights reserved.
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1. Introduction
The availability of iron (Fe) and light are the dominant factors
controlling primary productivity by phytoplankton in the Southern Ocean (De Baar et al., 1990; Buma et al., 1991; Martin, 1994;
Coale et al., 1996; Sunda and Huntsman, 1997). The degree of
light availability is determined by latitude, seasonal changes in
solar insolation and sea ice coverage, and the intensity of vertical
mixing. Dissolved Fe (DFe) concentrations are controlled by
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dissolved organic ligands; these ligands maintain DFe at levels
higher than would be expected from its low solubility in oxygenated seawater (0.1–0.4 nM Fe depending on pH, salinity and
temperature, Liu and Millero, 2002).
The concentration of DFe in seawater depends on sources of Fe
and the mechanisms keeping Fe in solution, as well as on
processes like scavenging, precipitation, and uptake by phytoplankton that convert Fe from the dissolved into the particulate
phase (Gledhill and van den Berg, 1994; Kuma et al., 1996; Rue
and Bruland 1997; Croot and Johansson, 2000; Gerringa et al.,
2000, 2007; Boye et al., 2001; De Baar and De Jong, 2001;
Nishioka et al., 2001; Thuróczy et al., 2010, 2011; Klunder et al.,
2011). The colloidal phase in the oceans is thought to be the most
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reactive phase, showing the largest variation with time and depth
(Nishioka et al., 2003; Bergquist et al., 2007), although Kuma et al.
(2000) measured the largest variations in the truly dissolved phase
(o0.025 mm). Photoreduction can produce Fe(II) from dissolved
colloidal Fe(III) as well as from organic complexes and particulate
Fe(III) (Barbeau and Moffett, 2000; Rijkenberg et al., 2005, 2006), and
may be an important factor in inﬂuencing the bioavailability of Fe for
phytoplankton in the Southern Ocean (Tagliabue and Arrigo, 2006).
External sources of Fe to the Southern Ocean are limited
(De Baar and De Jong, 2001; Tagliabue et al., 2010; Klunder
et al., 2011). There are only a few areas where dust can enter
the system, such as east of the Kerguelen plateau, Australia, and
southern tip of South America (Jickells and Spokes, 2001; Blain
et al., 2007; Sedwick et al., 2008). Hydrothermal sources are not
known in the Southern Ocean (Tagliabue et al., 2010). Riverine
input of Fe is negligible (De Baar and De Jong, 2001). Fe from the
continental margins, upwelling of Fe-rich deep water and melting
of sea ice and glaciers are the main sources of Fe (Löscher et al.,
1997; Croot et al., 2004; Grotti et al., 2005; Raiswell et al., 2006;
Lannuzel et al., 2007, 2008; Tagliabue et al., 2010). The increase
rate of glacial melt in West Antarctica during the last few decades,
including the Pine Island Glacier (PIG) (Joughin et al., 2003;
Rignot, 2008), implies an increased source of Fe in this region.
Antarctic coastal polynyas are areas of reduced sea ice cover
within the ice pack and their associated surface waters are noted
for enhanced levels of biological production during spring and
summer (Arrigo and van Dijken, 2003; Arrigo et al., 2008a). Arrigo
et al. (2008b) concluded that due to these high levels of biological
production, in combination with high ventilation rates, formation
of Antarctic Bottom Water and extensive winter sea ice cover,
Antarctic shelf waters are a strong sink for anthropogenic CO2 per
unit area. The main controls on phytoplankton growth and
primary productivity in polynyas are the availability of light and
Fe (Arrigo et al., 2003), similar to open ocean regions in the
Southern Ocean. In the Ross Sea polynya, the largest and most
well studied polynya of the Antarctic, the availability of Fe
controls the magnitude of annual primary productivity whereas
light availability determines phytoplankton species distribution
(Arrigo et al., 2000, 2003). A comprehensive satellite-based study
of Antarctic coastal polynyas showed that although the Ross Sea
polynya was the most productive, the polynyas of the Amundsen
Sea and Pine Island Bay exhibited both the highest levels of
phytoplankton biomass and the highest rates of primary productivity per unit surface area (Arrigo and van Dijken, 2003, Arrigo
et al., 2012). Currently, it is not known what Fe sources fuel this
intense and long-lasting phytoplankton bloom.
The Antarctic Circumpolar Current (ACC) is steered southward
in the Paciﬁc sector of the Southern Ocean due to fracture zones
in the Paciﬁc Antarctic Ridge. This causes the relatively warm
Circumpolar Deep Water (CDW) to be positioned further south
than in other regions of Antarctica. The southerly position of the
CDW, in combination with a persistent clockwise-directed wind
ﬁeld, causes upwelling in the Amundsen Sea (Jacobs et al., 1996;
Jacobs and Comiso, 1997; Hellmer, 2004). Cold shelf water is
formed in winter and mixes with the incoming CDW during its
descent down the continental slope. According to Assman and
Timmermann (2005), the presence of the polynyas plays an
important role in this mixing process because sea ice is constantly
formed and blown away by the strong offshore winds that keep
them ice-free. Brine expulsion during sea ice formation causes the
cold water to become so dense that it sinks (Fichefet et al., 2003).
Pine Island Bay is affected by an increase in melting rate of
ﬂoating glacier termini and surrounding ice shelves, most notable
from the PIG, due to a change in the ocean heat transport beneath
the glacier (Jenkins et al., 1997, 2010; Joughin et al., 2003; Rignot,
2008; Jacobs et al., 2011). Moreover, Jenkins et al. (2010) used an
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autonomous underwater vehicle to show that melting is also
accelerating because of inland shifting of the grounding line of the
glacier. The relatively warm CDW can thus ﬂow over an underwater ridge and melt the bottom of the upstream part of the
glacier.
The research presented here aims to identify and quantify the
sources of Fe that fuel the phytoplankton blooms in the Pine
Island Bay and Amundsen Sea polynyas. In particular, we quantiﬁed the input of Fe from the PIG into waters of Pine Island Bay
and the Pine Island Polynya. To this end, concentrations of DFe
and total dissolvable iron (TDFe) were measured in surface and
subsurface waters (top 300 m) at these locations in January–
February 2009.

2. Materials and methods
2.1. Cruise track and sampling strategy
The cruise NBP09-01 on the R.V.I.B. Nathaniel B. Palmer took
place in January–February 2009 in the Amundsen Sea (Southern
Ocean). The cruise track (Fig. 1) shows that the research focus was
on sampling near the Pine Island Glacier (PIG). The 41 stations
where water samples were taken for DFe analyses are indicated;
at 20 of these stations, TDFe was also sampled (Fig. 1).
Temperature and salinity were measured with a Sea-Bird SBE
9/11þ CTD mounted on a 24–10 L bottle SBE32 rosette. Temperature,
conductivity, and dissolved oxygen were measured with dual sensor
systems mounted vertically on a horizontal frame connected to the
rosette frame near the bottom. Additionally, a single pressure Chelsea
ﬂuorometer and 25-cm WetLab transmissometer were attached to the
rosette. Temperature and salinity have been transformed into conservative temperature (Y in 1C) and absolute salinity (SA in g kg  1)
according to McDougall et al. (2009).
For trace metal clean sampling of the 41 proﬁles from the upper
300 m of the water column, modiﬁed GO-FLO samplers provided by
the Royal NIOZ were attached to a non-metal wire using messengers
to close the bottles. Sample depths were typically 10, 25, 50, 100, 200,
and 300 m. Stations were chosen to encompass the diverse environmental conditions in the research area (Fig. 1). Open ocean, continental shelf, and glacier stations (especially PIG but also Getz,
Crosson, and Dotson Ice Shelves) were sampled. On the shelf, sea
ice covered stations and open water stations in the polynyas were
sampled. In addition, surface water at eight stations (stations 5, 10,
37, 47, 94, 118, 129 and 135) was sampled and analyzed for DFe and
TDFe. These samples were typically taken at 10 m depth to obtain
large quantities of trace metal clean surface water for biological
experiments.
Samples for DFe (ﬁltered 0.2 mm pore size, Sartorius Sartobran300) and TDFe (unﬁltered) were taken directly from Teﬂon-coated
GO-FLO bottles in a trace metal clean room. All sample bottles used
for Fe analysis (Nalgene, Low-Density Polyethylene, LDPE, 60 to
1000 ml) were treated following GEOTRACES recommendations of a
three-step cleaning procedure (detergent solution, 6 M HCl, and 3 M
HNO3) in a hot bath. Finally, the bottles were stored ﬁlled with 0.1 M
2QD-HNO3 (distilled from 65% reagent grade, J.T. Baker). All rinsing
was done with 18.2 MO cm  1 water (Millipore Milli-Q deionised
water). Before sampling, the bottles were rinsed ﬁve times with about
20% of the sample bottle volume with the sample seawater.

2.2. Fe analysis
Samples for DFe analyses were ﬁltered (0.2 mm), acidiﬁed (pH¼1.8
by adding 2 ml per liter of ultraclean 12 M HClBaselinesHydrochloric
Acid, Seastar Chemicals), and measured directly on board by
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Fig. 1. Map of the research area where the top 300 m of the water column of 41 stations were sampled for Fe analyses. The different colors of the station numbers
correspond to the different hydrographic environments. The rectangular section indicates the position of the section plots (Figs. 4 and 6). Black ¼open ocean station
160 (outside the map at 1281W and 1671S), blue ¼ice covered stations, green ¼polynyas—Pine Island Polynya (PIP) and Amundsen Polynya (AP), yellow ¼ Pine Island Bay
(PIB), red ¼ adjacent to Pine Island Glacier (PIG), orange ¼ adjacent to other glaciers (Dotson, Crosson and Getz ice shelf). Dots without station numbers represent stations
where only surface waters were sampled (see Section 2).

automated Flow Injection Analysis (FIA) using the modiﬁed method of
De Jong et al. (1998) as described in De Baar et al. (2008a).
Samples were analyzed in duplicate sample bottles, each of
which was measured in triplicate (for a total of six analyses per
sample). Mean DFe concentrations and standard deviations are
given. Concentrations of measured DFe ranged from 0.03–1.31 nM.
The blank was measured daily during the entire cruise and had a
mean value of 0.02370.010 nM (n¼39), deﬁned as a sample
loaded for 10 s. The Fe added by the Seastar acid (at maximum
0.4 pM) was neglected. The average limit of detection (0.0097
0.008 nM) was deﬁned as being three times the standard deviation
of the daily mean blank (n¼3).
The consistency of the FIA system over the course of the day
was veriﬁed using a drift standard (same sample measured three
or four times throughout the day). The drift was observed to be
less than 7% and no corrections have been made for this drift.
Accuracy and reproducibility were checked by regularly measuring two SAFe reference standard samples. The results (S1:
0.07870.012 nM DFe, n¼ 10 and D2: 0.94270.043 nM, n¼13)
were well within the community consensus values (S1:
0.09770.043 nM DFe, n¼140 and D2: 0.9170.17 nM, n¼ 168,
Johnson et al., 2007).
In addition, unﬁltered samples (19 proﬁles and 8 surface
stations) were acidiﬁed to pH¼1.8 and stored. The TDFe concentration of each sample was measured (as described above for DFe)
at the NIOZ home laboratory after at least six months.
The Fe data can be found on the GEOTRACES website: http://
www.bodc.ac.uk/geotraces/. At the time of publication of this
paper, the website did not yet contain the data, therefore, the
following website was constructed to make the data available:
http://www.nioz.nl/public/ipy/polardata.php?crsid=181.

2.3. Chlorophyll a analysis
Chlorophyll a (Chl a) concentrations were measured using
standard JGOFS procedures (JGOFS, 1996). Chl a samples (0.05–1 L)
were ﬁltered onto 25 mm GF/F ﬁlters (Whatman, nominal pore size
0.8 mm) at ambient seawater temperature under low vacuum
pressure. Filters were extracted in 5 ml of 90% acetone in the
dark at 4 1C for 20 h. The extracted ﬂuorescence was determined
before and after acidiﬁcation using a Turner Designs Model 10-AU
ﬂuorometer.
2.4. Vertical eddy diffusivity estimates using CTD-data
Vertical turbulent eddy diffusivity (Kz) was estimated by calculating the Thorpe scale using 1-m binned CTD data. The Thorpe scale
is a vertical length scale of turbulent mixing in a stratiﬁed ﬂow
(Thorpe, 1977). It is obtained after rearranging an observed potential
density proﬁle, which may contain inversions associated with
turbulent overturns, into a stable proﬁle without inversions. The
method of overturn displacements provides a reasonably adequate
estimate of vertical turbulent eddy diffusivity and dissipation rate to
within a factor of two, as has been established after comparison
with free-falling microstructure data (e.g., Hosegood et al., 2005).
The vertical displacement necessary for generating the stable
proﬁle is the Thorpe displacement. Then, deﬁning dT as the root
mean square of the Thorpe displacements within each overturn,
the eddy diffusivity (m2 s  1) is deﬁned as,
2

K z ¼ 0:128dT N

ð1Þ

where N denotes the buoyancy frequency and the constant 0.128
was derived from an empirical relation with the Ozmidov scale
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Table 1
The vertical turbulent eddy diffusivity Kz of selected stations as a mean value
between 100 and 300 m. Pine Island Polynya (PIP), Amundsen Polynya (AP), Pine
Island Bay (PIB).

100

200

Environment

Station

Kz (m2 d  1)

Ice covered shelf
Ice covered shelf
Ice covered shelf

140
142
158
Mean ice covered shelf
13
14
91
102
103
104
105
106
107
108
Mean PIP st 91 and 104
Mean PIP others
Overall mean PIP
113
114
148
Mean of Amundsen polynya
86
88
99
Mean PIB
16
55
Mean PIG
119
153
Mean of other glaciers

0.4
0.4
1.5
0.8 7 0.6
25.1
6.4
207.4
33.7
6.2
293.8
2.7
4.4
16.4
25.9
250.67 61.1
14.77 11.9
62.27 101.9
5.3
6.6
3
4.9 7 1.8
25.1
8.6
0.6
11.27 12.5
6134.4
62.2
3110 7 4293
81.2
129.6
103.77 34.2
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PIP
PIP
PIP
PIP
PIP
PIP
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AP
AP
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101

102
Kz

(m2
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day−1)

Fig. 2. Vertical turbulent eddy diffusivity (Kz) proﬁles averaged in 30 m vertical
bins for stations 16 (thick dashed line), 102 (solid line), and 105 (thin dashed line).
The vertical lines indicate the Kz values from Park et al. (2008) and Planquette
et al. (2007) of 27.6 and 95 m2 d  1 (3.2  10  4 m2 s  1 and 11  10  4 m2 s  1),
respectively.

using a mixing efﬁciency of 0.2 (Dillon, 1982). The raw Kz(z)
proﬁle is averaged in 30-m vertical bins (Fig. 2), which is
equivalent to the largest displacement observed. Subsequently,
a mean value per station is obtained for the depth-range between
100 and 300 m to within a standard error of a factor of two
(Table 1).

3. Results
3.1. Hydrography
Five different hydrographic environments in the Amundsen Sea
were identiﬁed from typical property–property plots of conservative
temperature (Y) and salinity (S) (Fig. 3A,B and C). These include
(1) open ocean (st 160), (2) ice covered regions close to and on the
continental shelf (st 3, 7, 11, 111, 127, 131, 133, 138, 140, 142 and
158), (3) the Pine Island Polynya (PIP) (st 13, 14, 91, 102, 103, 104,
105, 106, 107 and 108) and the Amundsen Polynya (AP) (st 113, 114
and 148), (4) Pine Island Bay (PIB), located 10–60 km from the PIG
(st 36, 46, 86, 88, 89, 90 and 99) where waters were free of ice and
surface concentrations of Chl a were lower than those of the PIP, and
(5) glacier stations that were inﬂuenced by both upwelling and
glacial melting and were located within 10 km of a glacier. Glacier
stations were located predominantly near the PIG (st 16, 23, 55, 81,
92 and 93) but also near the Dotson, Crosson, and Getz Ice Shelves
(st 119, 126 and 153, respectively) (Figs. 1, 3A and 3D).
At open ocean st 160, CDW (deﬁned as Y ¼ r2 1C and
SA ¼34.2–34.7 g kg  1, Giulivi and Jacobs, 1997) is present below
200 m (Fig. 3B). Winter water (WW, deﬁned as Y ¼  1.5 1C and
SA ¼34.2 g kg  1), which is cold water formed during the previous
winter, is present between 100 and 150 m.
At ice covered st 3 located just off the shelf, modiﬁed CDW
(MCDW) with a lower temperature (Y ¼  1.6 to 1.7 1C; SA ¼34.3–
34.7 g kg  1) was overlying the CDW. At st 133 and 158 near the

PIB
PIB
PIB
PIG
PIG
Dotson Glacier
Getz glacier

continental shelf break (Fig. 1), deep water (300 m) consisted
primarily of MCDW. These stations had lower surface temperatures (Y ¼ 1.7 1C) and no distinct WW layer. The relatively low
salinities (SA ¼33.2–33.7 g kg  1) near the surface indicated the
melting of surrounding sea ice. The ice covered stations located
on the shelf shared similar vertical Y and SA proﬁles (as shown in
Fig. 3B) and similar property–property plots (nutrient concentrations, Alderkamp et al., 2012). Towards the polynya, the nutrient
concentrations gradually decreased, surface temperatures
increased up to 0–0.5 1C, and a WW layer could be distinguished.
Plots of Y–SA for PIP stations 102, 103 and 106 (Fig. 3C)
suggested the presence of MCDW below 200 m, similar to the ice
covered stations. A temperature minimum was apparent above
the MCDW, indicative of a pronounced WW layer between 100
and 150 m (Figs. 3C and 4A). Within the PIP, there were pronounced surface temperature differences between stations, even
at polynya stations in close proximity of each other. For example,
the near-surface Y–SA plot for st 102 indicates recent mixing
(Fig. 3C), which is evidenced by the counter density gradient
loops shown in the inset in Fig. 3D, whereas stations 104 (not
shown) and 106 show Y–SA plots of a stable water column.
PIB stations were located between stations within the PIP and
stations that were strongly inﬂuenced by the glacier. They have
relatively high surface temperatures but were distinct from the
PIP stations because they exhibited lower surface Chl a concentrations (Alderkamp et al., 2012). As expected, the Y–SA plot from
st 86 in the PIB shows intermediate temperatures and salinities
compared to those of PIP and PIG stations (Fig. 3A).
The difference in Y–SA plots between st 16 and 55 near the
PIG, st 119 near the Dotson Glacier, and st 153 near the Getz Ice
Shelf reﬂects the different processes in these hydrographic environments (Fig. 3D). The upwelling MCDW exhibited relatively high
temperatures and salinity (Y ¼0–1 1C; SA ¼34.5–34.8 g kg  1)
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Fig. 3. Conservative temperature (Y in 1C) versus absolute salinity (S in g kg  1) plots of selected stations. The dashed lines indicate isopycnals, lines of constant potential
density, whose values are indicated on top of the isopycnals (kg m  3). The selected stations represent the different hydrographic environments of the Amundsen Sea,
including open ocean (black), sea ice zone (blue), polynyas (light green for the PIP, dark green for AP, yellow for PIB), and near glaciers (red for PIG and orange for the
Dotson, Crosson and Getz Ice Shelves). (A) Examples from each of the different hydrographic environments. (B) Both open ocean (st 160) and ice covered stations (st 3, 133,
and 158). The modiﬁcation of the CDW in ice covered stations is apparent by comparing station 160 with the others. (C) Three stations from the central PIP. (D) examples of
stations near the PIG (red) and other glaciers (orange). Station 102 (green) from the central PIP is added. In the enlarged inset, counter density gradient loops are shown as
evidence of recent mixing.

below 300 m depth (Fig. 3A and D). At the surface, the effect of
dilution by glacier meltwater was apparent by its lower salinity
(SA r34.2 g kg  1) compared with MCDW and a lower surface
temperature than in the PIG. Station 16 (located at the southern
end of the PIG) and st 119 (located at the western end of the
Dotson Ice Shelf) exhibited evidence of vigorous vertical mixing,
resulting in nearly straight Y–S-plots. Such a linear relationship
could also represent near-coastal new water mass formation
above a frontal zone and subsequent isopycnal transport into
the interior, but the overturn of the individual Y(z) and S(z)
proﬁles support the presence of local mixing. On the other hand,
st 55 (located at the northern end of the PIG) contained a distinct
WW layer, indicating some stratiﬁcation. Station 153 near the
Getz Ice Shelf even showed two temperature minima, a broad
minimum (Y ¼ 1.55 1C) at 130 m and a narrow minimum
(Y ¼ 1.7 1C) at 347 m, and had more saline waters than the
other glacier stations below the minima (Fig. 3C). The presence of
cold water at 347 m reﬂected the absence of upwelling MCDW in
this location.
Vertical sections along a transect from the PIG to the PIP
(Fig. 4A,B and C) showed distinct changes in temperature, salinity,
and Chl a with increasing distance from the glacier. Since there
was large temporal variation in sampling during NBP09-01, the
sequence between st 81 (sampled on 25 January) and st 108
(sampled on 1 February) was chosen for the vertical sections
because they represent the same stage of the phytoplankton
bloom in the polynya.
Surface Chl a concentrations (Fig. 4C) were high (up to 15 mg l  1)
in the PIP, whereas nutrient concentrations were low (NO3 þNO2 o
5 mM; Alderkamp et al., 2012). At depth, nutrient concentrations in
the polynya were high (NO3 þNO2 near 30 mM, Alderkamp et al.,

2012) in both the WW layer and the MCDW. In the upwelling MCDW
in front of the PIG, concentrations of NO3 þNO2 were similarly high,
whereas phytoplankton were virtually absent.
3.2. Fe concentrations
Concentrations of DFe and TDFe are shown in vertical proﬁles
grouped by their hydrographic location (Fig. 5) as well as in
section plots from the PIP to the PIG (Fig. 6A and B). Because
fewer stations were sampled for TDFe, the section plot of
TDFe data was expanded to include all stations in the transect
zone instead of only stations sampled between 25 January and
1 February, as in Figs. 4A,B and C and 6A.
3.2.1. Open ocean
At st 160, Fe concentrations were generally low (0.03–0.23 nM
DFe and 0.31–4.31 nM TDFe (Fig. 5). Dissolved Fe showed a
typical nutrient-type proﬁle, being lowest (0.03 nM) near the
surface and higher (0.16 nM) at 300 m. In contrast to DFe, TDFe
concentrations were relatively high near the surface (2.04 nM
at 10 m).
3.2.2. Ice covered shelf stations
Station 7 showed an exceptionally high surface concentration
of 0.40 nM DFe above a steep decrease to a subsurface minimum
of 0.08 nM DFe at 25 m. It is possible that melting of the Abbot
Ice Shelf contributed to this elevated DFe concentration relative
to other ice covered stations. Stations 111, 127, 140 and 142,
situated between 1101W and 1151W, did not exhibit a surface
maximum in DFe.
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Fig. 4. Water properties along a transect northwestward from the PIG tongue, via Pine Island Bay into the Pine Island Polynya (see Fig. 1 for the position of the section),
including (A) conservative temperature (1C), (B) absolute salinity (g kg  1), and (C) chlorophyll a (mg l  1). Horizontal distance is in km from the PIG. Only stations sampled
between 25 January and 1 February (stations 81–108) were included.

TDFe exhibited similar proﬁles, with constant concentrations
at st 131–142 (Fig. 5). However, st 158 on the continental shelf
edge had high TDFe concentrations below 100 m of 10–23 nM.
Sediment along the continental margin is probably the Fe source
here. On the shelf edge, turbulence caused by down slope currents
may resuspend sediment particles and thus increase TDFe concentrations. This is supported by the mean vertical turbulent eddy
diffusivity of 1.5 m2 d  1 in the upper 500 m at st 158. This
diffusivity is 3.6 times that of nearby stations 140 and 142 which
are further south from the continental shelf edge (Fig. 1, Table 1).

3.2.3. Pine Island Polynya
The lowest DFe concentrations (0.04 to 0.07 nM) were measured
in subsurface waters (25–50 m) at st 13, 14, 91, and 102–108, below a
small surface maximum of 0.07–0.17 nM DFe at 10 m. Deeper in the
water column (300 m), DFe concentrations increased to 0.25–0.61 nM
(Figs. 5 and 6). DFe concentrations were highest at 300 m at both
st 13, with a depth of 1294 m, and at st 105, where the depth was

only 318 m. Although a ﬂux of Fe from the sediment may have
increased deep DFe concentrations at st 105, this cannot be the only
explanation for its elevated DFe concentrations. The bottom depth of
neighboring st 104 was similar to that of st 105, yet the DFe
concentrations at 300 m at this station were lower and resembled
those of the deep st 91 (1028 m depth).
TDFe proﬁles in the PIP were similar for st 104–108, with
relatively constant TDFe concentrations in the upper 100 m of
1.4–5.9 nM, increasing to 8–12 nM at 300 m. Station 102 showed
remarkably high TDFe concentrations, resembling those of glacier
st 16 in front of the PIG. Variations in temperature with depth
were also observed in st 102, and the density proﬁle indicates a
stable water column (Fig. 3C and D). However, recent mixing at
this station is suggested by a relatively high Kz of 33.7 m2 d  1 (2.2
times higher than the mean in the PIP, with the exception of the
substantially higher Kz at st 91 and 104) (Fig. 2 and Table 1). A
recent passage of a melting iceberg could explain the variations in
temperature and salinity as well as the elevated TDFe concentrations (Stephenson et al., 2011; Raiswell, 2011; Lin et al., 2011).
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Fig. 5. Concentrations of dissolved Fe (DFe) (left) and total dissolvable Fe (TDFe) (right) with depth for different hydrographic environments. Error bars represent the STD
of 6 measurements. Note the difference scales in DFe and TDFe concentrations of the glaciers stations. (A) DFe concentrations in open ocean station 160 and ice covered
station 3, (B) TDFe concentrations in open ocean station 160 and ice covered station 3, (C) DFe concentrations in ice covered stations other than station 3, (D) TDFe
concentrations in ice covered stations, (E) DFe concentrations in PIP stations, (F) TDFe concentrations in PIP stations, (G) DFe concentrations in AP stations, (H) TDFe
concentrations in AP stations, (I) DFe concentrations in PIB stations, (J) DFe concentrations in PIG stations, (K) TDFe concentrations in PIG stations, (L) DFe concentrations
stations near the Dotson, Crosson and Getz Ice Shelves, (M) TDFe concentrations in stations near the Dotson, Crosson and Getz Ice Shelves.
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Fig. 5. (continued)

3.2.4. Amundsen Polynya
DFe concentrations in the upper 200 m of the AP at st 113, 114,
and 148 were similar to those in the PIP (Fig. 5). However, they
differed from most PIP stations by their relatively low DFe
concentrations at 300 m ( r0.3 nM), suggesting perhaps that the
MDCW is less modiﬁed in the AP (Fig. 3A). Although water depths
in the AP were comparable to those in the PIP, there was no
apparent inﬂux of DFe from the sediment (depths were 763, 923,
and 365 m for st 113, 114, and 148, respectively).
The single TDFe proﬁle from the AP (st 148) was similar to
those from the PIP (Fig. 5), ranging from 0.6–2.1 nM in the upper
50 m to 8.2 nM at 300 m.

3.2.5. Pine Island Bay
Stations in PIB exhibited surface DFe concentrations between
0.08 and 0.14 nM, slightly higher than those of the PIP. These

concentrations increased to 0.3–0.5 nM at 300 m with no apparent subsurface minimum.
While no TDFe proﬁles are available from PIB, surface TDFe
concentrations averaged 7.971.2 nM for the three stations
sampled.
3.2.6. Pine Island Glacier and other glacier stations
The stations adjacent to the PIG and the Crosson, Dotson, and
Getz Ice Shelves exhibited the highest DFe concentrations of the
entire study region (0.4–0.8 nM near the PIG and 0.2–0.6 nM near
the ice shelves in the Amundsen Sea). The DFe concentrations
were relatively constant with depth (Figs. 5 and 6) at stations
inﬂuenced by upwelling under the glaciers and subsequent
mixing, as indicated by the Y–S plots (Fig. 3). Only st 153, located
close to the Getz Ice Shelf, showed a DFe proﬁle similar to those
observed elsewhere in the area, with low concentrations near the
surface ( o20 m; 0.09 nM) and increasing with depth (0.24 nM).
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Fig. 6. Vertical sections of dissolved Fe (DFe) (A) and total dissolvable Fe (TDFe) (B) along a transect northwestward from the PIG tongue, via Pine Island Bay into the Pine
Island Polynya (see Fig. 1 for the position of the section). The stations shown in (A) are similar to those shown in Fig. 4, in (B) also data from station 16 and 55 were used.

This station exhibited evidence of stratiﬁcation (observed from
the Y–S plots), suggesting a reduction in the rate of upwelling
and mixing with meltwater that characterized the other glacier
stations (Fig. 3D), as described by Jacobs et al. (2011).
The TDFe concentrations of glacier stations exhibited considerable spatial variation (Fig. 5), with st 16 on the southern end of
the PIG having an average concentration of 32.6 nM and st 55 on
the northern end of the PIG having an average concentration of
8.1 nM. Station 126, located close to the Crosson Ice Shelf, had a
subsurface maximum TDFe concentration of 43 nM at 100 m,
which declined to 31 nM near the surface and to 14 nM at 300 m.
TDFe concentrations at st 119, located near the Dotson Ice Shelf,
were approximately 25 nM near the surface but increased to
106 nM at 300 m, the highest concentration measured in this
study. In contrast, st 153 had the lowest TDFe concentrations of
all glacier sites, resembling those of the AP stations.

4. Discussion
4.1. Fe distributions
4.1.1. DFe
Low DFe concentrations, due to the lack of Fe sources, were
measured in the open ocean station, resembling those reported in
previous publications from the Southern Ocean (Measures and
Vink, 2001; De Baar and De Jong, 2001; Croot et al., 2004, Sedwick
et al., 2008; Klunder et al., 2011). DFe concentrations were low in
the subsurface (25–50 m depth) in almost all environments
except in the glacier stations (Figs. 5 and 6A). The lowest subsurface DFe concentrations (0.04–0.1 nM) were found in the PIP and
the AP associated with high phytoplankton biomass (up to 13.9
and 3–5 mg l  1 Chl a, respectively, Alderkamp et al., 2012),
suggesting that these low DFe concentrations were driven by
the uptake by phytoplankton (De Baar and De Jong, 2001;
Measures et al., 2008; Klunder et al., 2011). Higher surface

(10 m depth) DFe concentrations indicate input from melting
sea ice in the ice covered, polynya, and near glacier stations, as
has been seen in other Antarctic environments (Sedwick et al.,
2000; Measures and Vink, 2001; Lannuzel et al., 2008).
The increase in DFe between 100 and 300 m between the open
ocean and the glaciers coincides with the presence of MCDW.
Near the glaciers, DFe concentrations were relatively high and
spatially and temporally heterogeneous due to the different rates
of upwelling and subsequent mixing with the glacier melt water
(Jacobs et al., 2011; Fig. 5). At stations with a tight linear Y–S
relationship over the entire depth (suggesting vigorous vertical
mixing), the DFe concentrations were considerably higher (st 16
in front of the PIG see also Fig. 3D) than at stations with less
mixing (low DFe concentrations at st 153 in front of the Getz Ice
Shelf, Fig. 3D).
The concentrations of DFe in the glacier stations were generally in the range of 0.4–0.8 nM DFe, reaching 1.31 nM in the
surface layer at st 55. Thuróczy et al. (2012) found that dissolved
organic ligands were nearly saturated with Fe near
the PIG. Saturation of the ligands is an indication that the DFe
concentrations we observed were likely to be maximum values
beyond which DFe would precipitate.

4.1.2. TDFe
‘As shown for DFe, TDFe concentrations at 100–300 m increased
between the open ocean and the glaciers (Fig. 5). At this depth, TDFe
concentrations in the PIP were relatively high with a large standard
deviation (TDFe¼10.3710 nM, n¼16). Excluding the anomalously
high values at st 102 reduces the mean and standard deviation to
6.873 nM (n¼13),comparable to concentrations observed in the
Ross Sea (Sedwick et al., 2000). The concentrations near the glaciers
were extremely high, but also highly variable ([TDFe]¼20.37
13.1 nM, n¼12; [TDFe]¼28.3723.5 nM, n¼ 17, respectively). At
the surface, meltwater MDCW (meltwater-enriched MDCW) advects
northward in well-deﬁned cores of outﬂow, separated by depth and
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location along the ice front (Mankoff et al., 2012). The presence of
such outﬂows explains the large variation in surface TDFe concentration at glacier stations (3–93 nM) as well as the variability in other
parameters like DFe (0.2–1.3 nM), salinity (34.09–34.37 g kg  1), and
temperature (0.1–1.7 1C, see also Figs. 4–6). The high turbulence
of the waters at st 16 and 119 are shown by the Y–S plots (Fig. 3D)
and by the high Kz values near the glaciers (up to 6134 m2 d  1;
Table 1). It can be concluded that upwelling of MCDW and mixing
with meltwater were the primary processes producing high TDFe
concentrations near the glaciers (Fig. 5).
4.2. Fe budget
4.2.1. Phytoplankton uptake
The phytoplankton blooms in the polynyas were dominated by
the haptophyte Phaeocystis antarctica, whereas the phytoplankton
community in ice covered stations was a mix of diatoms and
Phaeocystis antarctica (Alderkamp et al., 2012). According to
satellite observations, the phytoplankton bloom in the PIP during
the course of our study started on 12 December 2008 and lasted
for 73 d (Arrigo et al., 2012). When Fe addition bioassay experiments were performed on 30 January 2009 and 6 February 2009,
no Fe-limitation of phytoplankton growth was observed (Mills
et al., 2012). Therefore, this bloom must have had access to an
adequate supply of bioavailable Fe. By calculating how much Fe
was needed to sustain the observed bloom, we can evaluate the
relative contribution of Fe by the different possible Fe sources.
We calculated the total Fe requirement by the P. antarctica
bloom in the PIP by calculating the Fe requirement of the
phytoplankton biomass. Phytoplankton biomass in the upper
mixed layer was approximated by measurements of the mean
satellite derived Chl a concentration in the PIP (2.09 mg Chl
a m  3; Arrigo et al., 2012), the phytoplankton C:Chl a ratio
(100 g g  1) (Thompson et al., 1992), and the Fe:C ratio for
P. antarctica single cells and colonies (23.4 and 93.4 mmol mol  1,
respectively, Schoemann et al., 2001, 2005; Hassler and Schoemann,
2009). This calculation (mg Chl a m  3  mg C: mg Chl a  mmol C:
12 mg C  nmol Fe: mmol C¼ nmol Fe) yields a total Fe requirement
by the P. antarctica bloom of 0.4–1.6 nM TDFe, depending on the
Fe:C ratio used. Fe:C ratios of phytoplankton in the literature range
from 0.8 to 93.4 mmol mol  1 (De Baar et al., 2008b; Hassler and
Schoemann, 2009; Strzepek et al., 2011). According to Twining et al.
(2004), the variation in Fe:C ratios can be attributed to differences in
plankton community composition, ambient Fe concentration, incident irradiance, and other environmental parameters. The discrepancies may also be the result of methodological differences,
including the use of different algorithms in the calculations
(Strzepek et al., 2011). Here we choose to use the Fe:C ratios
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from Schoemann et al. (2001) and Hassler and Schoemann (2009)
since they focused on Phaeocystis. The Fe:C ratios of 31–
37 mmol mol  1 estimated by Twining et al. (2004) for natural
phytoplankton populations under Fe replete conditions after Fe
enrichment during SOFEX, fall within the range of Fe:C used here
for P. antarctica.
According to data from Alderkamp et al. (2012), phytoplankton
growth rates in the PIP in the upper mixed layer (15.2 m) were
0.3770.081 d  1, in close agreement of the growth rates presented for P. antarctica in the Ross Sea by Smith et al. (1998).
Given this growth rate, the ﬂux of Fe to the upper mixed layer of
the PIP (mean 15.2 m) necessary to sustain the observed phytoplankton bloom would have been 2.3–9.1  10  6 mol Fe d  1
(0.4–1.6  10  9 mol TDFe L  1  1000¼mol m  3  15.2 m¼ mol m  2
 0.37¼mol m  2 d  1).
Another approach to estimate the Fe requirement of the
bloom is to use the new production rate, estimated to be
1.26 g C m  2 d  1 based on NO3 removal between 12 December
and the time of sampling (Alderkamp et al., 2012; Arrigo et al.,
2012). Assuming that 97% of the primary production occurs in the
upper mixed layer (Alderkamp et al., 2012) and using the same
range for the Fe/C ratio (23.4–93.4 mmol mol  1), a new production
rate of 1.26 g C m  2 d  1 yields a similar Fe demand as obtained with
the biomass calculation above of 2.4–9.5  10  6 mol Fe m  2
d  1 (PP  0.97 g C m  2 d  1/12 g C/mol C mol Fe:
mol C¼mol Fe m  2 d  1) (Table 2).
Can the Fe demand of 2.4–12.4  10  6 mol Fe m  2 d  1 by the
P. antarctica bloom be supplied by the available Fe sources?
Before the individual Fe sources are discussed, some points need
to be addressed. It must be noted that regeneration is not taken
into account and could contribute up to 50% of Fe demand
(Sarthou et al., 2008). In addition, the winter stock of Fe is
discarded as a Fe source because it is insigniﬁcant. This is because
at the start of the bloom, the winter stock of DFe in the WW of the
PIP would have been 0.1970.08 nM (n¼20). At the time of our
study, DFe at 25 m had been reduced to 0.09 nM, indicating that
phytoplankton had consumed 0.1 nM of the winter stock of DFe
during the ﬁrst 50 d of the bloom (between 12 December, the
start of the bloom according to Arrigo et al., 2012, and 31 January,
the sampling date of the PIP). The deﬁcient of 0.1 nM
DFe in the upper 15.2 m after 50 d results in a ﬂux of only
3.0 10  8 mol DFe m  2 d  1, which amounts to o1% of the
demand. This strongly suggests that an additional source of Fe
was fueling the phytoplankton blooms.
The potential external Fe sources are (1) upwelling of CDW,
(2) vertical diffusion from the sediments and subsequent diffusive
or advective transport (Blain et al., 2007, 2008; Planquette et al.,
2007), (3) dust input (Edwards and Sedwick, 2001; Edwards et al.,

Table 2
Fluxes of dissolved Fe (DFe) and total dissolvable Fe (TDFe) to the phytoplankton bloom in the PIP. See text for details for estimating the sink ﬂux of Fe due to
phytoplankton uptake. The ﬂuxes from upwelling, vertical diffusion are maximum estimates. The distances of 40, 70 and 159 km from the PIG correspond to stations 99,
102 and 105, respectively. TDFe ﬂuxes are approximate and presented in italic, since assumptions made are valid only for dissolved species.
Sources and sinks
Sink by phytoplankton uptake
By TDFe: biomass ratios
By primary production
Sources
Upwelling
Vert. diffusion
Dust
Sea ice melt
Lateral diffusion from Pine Island Glacier including
phytoplankton uptake
Lateral diffusion from Pine Island Glacier excluding
phytoplankton uptake

Flux DFe (mol m  2 d  1)

Flux TDFe (mol m  2 d  1)

2.3  10  6–9.1  10  6
2.4  10  6–9.5  10  6
4  10  8
9  10  8
3  10  10
6.8  10  8
6.6  10  5, 3.1  10  5, 3.1  10  6
For 40, 70 and 159 km, respectively
8.8  10  5, 5.3  10  5, 1.2  10  5
For 40, 70 and 159 km, respectively

twice DFe?
2.2  10  6
3  10  9
1.9  10  7
4.4  10  3, 2.7  10  3, 6.6  10  4
For 40, 70 and 159 km, respectively
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2006), (4) sea ice melt (Lannuzel et al., 2007, 2008), and (5) glacial
melt combined with lateral transport (Staham et al., 2008). Each
of their potential contributions to the total Fe requirement of the
P. antarctica bloom is assessed below.
4.2.2. Upwelling of MCDW in the PIP
The position of the ACC, in combination with a persistent
clockwise wind ﬁeld, causes upwelling in the Amundsen Sea and
PIB (Assman and Timmermann, 2005). Giulivi and Jacobs (1997)
deﬁned Y–S properties of the CDW in this part of the Southern
Ocean by which we can recognize that the water ﬂowing onto the
shelf from the direction of st 3 brings CDW (Y r2 1C and
SA ¼34.2–34.7 g kg  1) that has been modiﬁed (MCDW, lower Y,
higher S) onto the shelf and into PIB (Fig. 3B). Since the MCDW
ﬂows into the Amundsen Sea over the sediment and through the
deeper channels, the sediment is likely to be a source of DFe and
TDFe to the inﬂowing CDW as it is converted to MCDW. Enrichment of DFe in MCDW in the PIP by shelf sediments was apparent
during our study by the increase in DFe concentrations from
0.16 nM at 300 m at st 160 to a mean of 0.4 nM at 300 m in the
PIP (Fig. 5). We assume that 0.4 nM DFe is the concentration of
the sediment-enriched, inﬂowing MCDW that contributed to the
upwelling in the PIP and use this concentration to calculate the
DFe ﬂux due to upwelling, as was done by Löscher et al. (1997),
De Baar et al. (1995), Croot et al. (2004), and Klunder et al. (2011).
According to Assman and Timmermann (2005), the maximum
upwelling velocity in the Amundsen Sea obtained from a 44-year
mean is 1  10  3 m d  1. This results in a maximum upwelling ﬂux of
DFe in the PIP of 4  10  8 mol DFe m  2 d  1 (Table 2), in good
agreement with the ﬂuxes of 9.1  10  8 mol DFe m  2 d  1 for the
Zero Meridian in the ACC (46–551S) and 5.7  10  8 mol DFe m  2 d  1
in the Weddell Gyre calculated by Klunder et al. (2011). Results from
Watson (2001) for the ACC of 1.2  10  7 mol DFe m  2 d  1 and
De Baar et al. (1995) for the Atlantic sector of the ACC of
1.3  10  7 mol DFe m  2 d  1 are comparable, although higher. The
estimated maximum upwelling ﬂux in the PIP of 4  10  8
mol DFe m  2 d  1 would contribute only 0.4–1.7% of the Fe required
to sustain the P. antarctica bloom.
The possible contribution of TDFe by upwelling is not well
known. TDFe concentrations increased from around 0.5 nM at st
160 to 5 nM in the PIP (Fig. 5). It is often assumed that the
upwelling ﬂux of TDFe is twice that of DFe (De Baar et al., 1999;
Sedwick et al., 2005; Lannuzel et al., 2007). However, since TDFe
is mostly in particulate form that tends to sink out of the surface
layer, upwelling of this fraction back to the surface is unlikely and
will depend on the size of the particles. Given that typical particle
sinking speeds are 8.6–86 m d  1 (10  4–10  3 m s  1), at least 100
times larger than the maximum upwelling velocities (Lampitt
et al., 1993; van Haren et al., 1998), the contribution of TDFe to
the P. antarctica bloom via upwelling is likely to be very small and
will be neglected here.
4.2.3. Vertical diffusion
The maximum difference in DFe concentration over a depth of
275 m observed in the PIP during our study is 0.5 to 0.1 nM,
giving a maximum vertical gradient (qDFe/qz) of 1.45 nM Fe m  1.
This is comparable to values measured by Blain et al. (2008) on
the Kerguelen plateau. The vertical turbulent eddy diffusivity (Kz)
that we estimated in the PIP varied considerably between stations
(Table 1, Fig. 2). Stations 91, 102, and 104 had relatively high
diffusivities of up to 293.8 m2 d  1, whereas st 14, 103, 105, and
106, and the stations in the Amundsen polynya, had quite low
diffusivities of o8.6 m2 d  1 ( o10  4 m2 s  1). Similar to values
reported here, Blain et al. (2008) and Planquette et al. (2007)
measured Kz values of 27.6 m2 d  1 and 95 m2 d  1, respectively,

on the Kerguelen Plateau and in the upper 300 m of the water
column near the Crozet Islands (Fig. 2). Using the overall mean Kz
of the PIP stations (62.2 m2 d  1, Table 2), we calculate the vertical
diffusion of DFe in the polynya to be 9  10  8 mol DFe m  2 d  1,
sufﬁcient to provide 1.0–3.8% of the Fe required by the P.
antarctica bloom.
As was the case for upwelling, it is difﬁcult to choose parameters
for calculating the vertical diffusion of TDFe into the upper
ocean. Using qDTFe/qz¼ 35.6 nM m  1 (concentration difference of
9.8 nM TDFe over 275 m), the ﬂux would become 2.2  10  6 mol
TDFe m  2 d  1. Thus, vertical diffusion of TDFe would provide 24 to
92% of the Fe demand of the phytoplankton bloom in the PIP, but only
if TDFe was fully available for phytoplankton uptake.

4.2.4. Dust
There are no known direct sources of dust in the vicinity of the
Amundsen Sea. The mean dust ﬂux in Antarctica is estimated by
Edwards et al. (2006) to be 0.8  10  6 mol TDFe m  2 year  1
(3  10  9 mol m  2 d  1). The solubility of Fe from dust depends
on many factors, such as the distance from the source, processing
during transport, presence of UV-radiation during transport and
after deposition, bacterial activity, and residence time in the
water (Baker and Croot, 2010; Boyd et al., 2010; and references
therein). We assumed an upper limit for Fe solubility of 10%,
based on data assembled by the above recent publications, which
results in a ﬂux of 3  10  10 mol DFe m  2 d  1, less than 0.1% of
the Fe requirement of the bloom (Table 2).

4.2.5. Sea ice melt
Sea ice surrounding the PIP and AP may serve as a source of
DFe and TDFe as it melts in spring and summer. The maximum
input of DFe and TDFe from melting sea ice can be calculated from
the mean sea ice thickness (1.070.32 m in the Bellinghausen Sea,
Assmann et al., 2005) and winter concentrations of DFe and TDFe
in sea ice of east Antarctica (18 nM DFe and 49 nM TDFe,
respectively, Lannuzel et al., 2007). According to Lannuzel et al.
(2010), the Fe content of pack ice and land fast ice is not spatially
and temporally variable. Based on these assumptions, the maximum input from melting sea ice is 6.8  10  8 mol DFe m  2 d  1
and 1.8  10  7 mol TDFe m  2 d  1. The ﬂux of DFe from ice melt
would be able to supply 0.7–2.9% of the bloom. How much TDFe
will dissolve in the surface is unknown and again the estimation
of TDFe ﬂux is difﬁcult to quantify.
It must be kept in mind that the ﬂux from sea ice melt is
temporally constrained since the polynyas usually open in
November (Arrigo et al., 2012) through wind driven processes,
potentially in combination with ice melt. Thus, the potential
release of Fe from melting sea ice in the polynya is early in the
bloom season and not spread over the year. On the other hand, a
steady supply of multi-year sea ice is advected into the Amundsen
Sea from the Bellinghausen Sea, thus providing a potential for a
constant source of Fe at the northern edge of the polynya. The
melting of icebergs was not taken into account, since we cannot
quantify the presence of icebergs in the PIP.

4.2.6. Lateral turbulent diffusion from the glaciers
Vertical proﬁles of DFe and TDFe obtained at varying distances
from the PIG (Figs. 5 and 6B) clearly showed that the PIG is a
source of Fe. However, it is important to evaluate whether the
elevated DFe and TDFe concentrations measured in these waters
can be explained by melting glacier ice alone and if the PIG could
be a source of Fe to the phytoplankton bloom in the PIP, the
center of which was located 200 km away from the main source
near the PIG.
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To do so ﬁrst requires calculation of the potential input of TDFe
and DFe from melting of the PIG. According to Jacobs et al. (1996), the
PIG releases 28 Gt (1012 kg) of freshwater each year into PIB. Raiswell
et al. (2006) estimated that Antarctic glacial ice contains 1.0 kg of
sediment per m3 of glacial ice, 0.46–4.7% of which is highly reactive
Fe (poorly ordered crystalline iron(oxy)hydroxes that can be extracted
with a buffered (pH¼4.8) sodium dithionite solution). Therefore, one
liter of glacial ice should contain 0.09–0.86  10  3 mol highly reactive particulate Fe. It is generally assumed that 90% of these particles
will sink out of surface waters in the vicinity of the glacier (De Baar
and De Jong, 2001; Raiswell et al., 2006).
The sea surface salinity at the front of the PIG (st 16) is at most
0.25 lower than that measured further offshore. Assuming that
this reduction in salinity is due to glacial melt, we calculate that
the surface waters near the PIG contain 0.7% (0.25/34.6¼0.007)
glacial melt water. Thus. 0.7% of the 10% remaining reactive
particulate Fe (the fraction that did not sink) amounts to
59–602 nM TDFe that can be added to the upper water column
by the melting of the PIG. If we assume that this highly reactive Fe
is comparable to our measurements of TDFe, then the 27–105 nM
TDFe measured at the front of the PIG (st 116 and 119) can be
entirely attributed to glacier melting.
The concentrations of DFe in glacial ice are much less variable
than TDFe concentrations, ranging from 20–50 nM (Raiswell et al.,
2006). Thus, the 0.7% of glacial ice melt water near the PIG would
increase DFe concentrations by 0.14–0.35 nM. This range is
consistent with the observed increase in DFe in MCDW as it is
upwelled to the surface in front of the PIG (0.23 nM DFe in deep
MCDW at st 3 and 0.5670.18 nM DFe in meltwater MDCW,
adjacent to the PIG). This provides strong support for the idea that
the PIG is an important source of dissolved Fe for PIB.
To estimate the lateral turbulent diffusion of DFe and TDFe
away from the PIG and into PIB and the PIP, we utilized the
observed distribution of Fe in a transect perpendicular to the
coast at increasing distances from the PIG (Fig. 7A,B and C). Fe
concentrations decreased exponentially with distance from the
PIG and were modeled following a dilution process assuming a
single source, the glacier. The observed values were initially
binned into several depth-layers (10, 25, 50 and 100 m) and
assessed independently. However, the data in the upper 10–50 m
showed virtually the same distributions, and thus these data were
subsequently considered together (Fig. 7A and C), as was done by
Planquette et al. (2007). Since phytoplankton are present in
surface waters, the distribution of DFe in the upper 10–50 m is
a function of both dilution and uptake by phytoplankton. However, phytoplankton concentrations at 100 m were very low so
the distribution of DFe at that depth is assumed to be a function of
dilution only, although some DFE is also removed by scavenging.
Although TDFe distributions are not affected directly by phytoplankton uptake, some TDFe may dissolve as DFe concentrations
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decrease, since the organic ligands become more unsaturated
with distance from the PIG (Thuróczy et al., 2012). However, TDFe
is affected most strongly by removal over time via sinking
particles. For the lateral turbulent ﬂux calculation, the concentrations (C) of DFe and for TDFe are ﬁt exponentially to the equation
CðxÞ ¼ C 0 ex=D

ð2Þ

where C0 is the concentration at the front of the PIG, x is the
distance from the PIG (m), and D is the scale length (m), deﬁned as
the distance where C(x)¼ 0.37C0 (i.e. the concentration has
decreased to 37% of the initial concentration). For DFe, we ﬁnd
[DFe]¼0.6015e  x/39,000 (R2 ¼0.72, n¼26, D¼39711.6 km, Fig. 7A)
at 10–50 m and [DFe]¼0.5308e  x/58,823 (R2 ¼ 0.78, n¼8, D¼58.87
18.0 km, Fig. 7B) at 100 m depth. For TDFe, [TDFe]¼25.27e  x/62,500
(R2 ¼0.86, n¼15, D¼ 62.5717.6 km,Fig. 7C) at 10–50 m. A calculation for TDFe at 100 m was not possible due to a lack of TDFe data
at that depth.
The value of 39711.6 km obtained for D at 10–50 m for DFe is
larger than the values of 16 km and 25 km found in surface mixed
layer of Monterey Bay and upper 50 m near the Crozet Islands,
respectively (Johnson et al., 1997; Planquette et al., 2007), but
smaller than the value of 131 km measured at 40 depth m near
the Kerguelen Islands (Bucciarelli et al., 2001). Ardelan et al.
(2010) calculated scale lengths for depths o50 m near the Antarctic
Peninsula of 25 and 12 km, respectively, for DFe and TDFe.
The scale length for TDFe is expected to be smaller than that
for DFe due to greater loss of TDFe to sinking. However, at
10–50 m, we calculated a larger scale length for TDFe than that
for DFe. This is likely due to uptake of DFe by phytoplankton.
Consistent with this interpretation, the scale length for DFe at
100 m depth is similar to that of DFe at 10–50 m. In addition
to biological processes, differences in scale length can also be
attributed to differences in circulation, geochemical characteristic
of the source area, and the type of continental shelf and margin
(Ardelan et al., 2010).
Once D has been determined, we can use Okubo’s (1971)
parameterization to estimate horizontal turbulent diffusivity
(Kh, m2 s  1)
K h ¼ 7:3  104 D1:15

ð3Þ

in which a 95% reduction length-scale l is used, l ¼3D.
The horizontal turbulent ﬂux is then calculated as
F ¼ K h @C=@x,

ð4Þ

or
FðxÞ ¼ 7:3  104 D0:15 CðxÞ:

ð5Þ

For distances from the glacier of x¼40 km (st 99 in the central
PIB), x¼70 km (st 102 at the southern end of the PIP), and x¼159 km
(st 105 in the center of the PIP), DFe concentrations were 0.22 nM,

Fig. 7. Concentrations of dissolved Fe (DFe) at 10–50 m from stations 14, 16, 23, 55, 88, 89, 92, 93 and 99 (n¼ 26) (A), DFe at 100 m from stations 14, 16, 23, 55, 88, 89, 92,
93 (n¼8) (B), and total dissolvable Fe (TDFe) at 10–50 m from stations 16, 55, 102, 104 and 105 (n ¼15) (C). The black line represents the exponential ﬁt of the data.
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Fig. 8. Conceptual model of the ﬂuxes of DFe (  10  6 mol m  2 d  1) fueling the phytoplankton bloom in the PIP. The Fe requirement of the phytoplankton bloom in the
PIP is indicated in green. Two ﬂuxes from the PIG are indicated, representing a surface (10–50 m) ﬂux that includes Fe uptake by phytoplankton between the DFe source at
the PIG, and a deep ﬂux (100 m) where no DFe is taken up by phytoplankton. Numbers of the lateral ﬂuxes (from left to right) are for the positions of stations 99, 102 and
105, respectively.

0.1 nM and 0.01 nM at 10–50 m and 0.27 nM, 0.16 nM and 0.04 nM
at 100 m, respectively, according to the relationships in Eq. (2)
(Fig. 7A and B). Thus, the horizontal ﬂuxes of DFe at the three
locations are 9F(40 km)9¼6.7  10  5 mol m  2 d  1 at 10–50 m depth
and 8.6  10  5 mol m  2 d  1 at 100 m depth and 9F(70 km)9¼
3.1  10  5 mol m  2 d  1 at 10–50 m depth and 5.3  10  5 mol
m  2 d  1 and 9F(159 km)9¼3.1  10  6 mol m  2 d  1 at 10–50 m
and 1.2  10  5 mol m  2 d  1 at 100 m depth. These are very large
ﬂuxes of DFe compared to the other sources and are large enough to
sustain the observed phytoplankton bloom. At st 105 (159 km from
the PIG), this ﬂux can supply 34–131% of the requirement of the
bloom at 10–50 m depth and 127–489% at 100 m depth, the range
depending on the distance from the PIP (Fig. 8, Table 2).
The decrease in DFe with distance from the PIG in surface
waters is also inﬂuenced by DFe uptake by phytoplankton and not
solely due to dilution. Therefore, estimates of D made using DFe
data from 10–50 m are probably too small. However, even using
these underestimated values for D in Eq. (4) resulted in ﬂuxes of
DFe that were sufﬁciently high to fully support the Fe requirements of the P. antarctica bloom in the PIP.
Similarly, we ﬁnd that for TDFe, D¼6.4  104 m (R2 ¼0.704,
n¼18) and that horizontal ﬂuxes at 40 km and 70 km from the
PIG are 9F(40 km)9¼2.8  10  3 mol m  2 d  1 and 9F(70 km)9¼
4.4  10  3 mol m  2 d  1 and 9F(159 km)9¼ 6.6  10  4 mol m  2 d  1.
However, as was the case for the ﬂuxes due to upwelling and the
vertical eddy diffusivity, it is difﬁcult to assess the effect of lateral
turbulent ﬂux on TDFe. The observed decrease in TDFe with a
relatively large scale length is not caused by dilution alone. TDFe
near the glacier consists primarily of inorganic material while in the
polynya it consists mainly of biogenic material. Thuróczy et al. (2012)
measured the organic complexation of DFe in these waters and found
that stations near the glacier contained almost saturated ligands
whereas nearer to and in the polynya, the ligands were undersaturated. These ligands can bind Fe released from the particulate
phase, stimulate dissolution (Borer et al., 2005), and thus supply a
more bio-available form of Fe to the phytoplankton. Another pathway
for DFe might be dissolution of TDFe by photoreduction (Wells et al.,
1991; Johnson et al., 1994; Waite et al., 1995; Rijkenberg et al., 2005,
2006) and complexation after re-oxidation. It has been hypothesized

that the presence of icebergs stimulates phytoplankton blooms where
dissolving particulate Fe is estimated to be the source (Smith et al.,
2007; Schwarz and Schodlock, 2009; Raiswell et al., 2008; Raiswell,
2011). Fitzwater et al. (2000) suggested that the presence of resuspended particulate Fe in the Ross Sea produced conditions suitable for
the development of phytoplankton blooms. Although it is difﬁcult to
quantify, TDFe might play an important role as source of Fe for
phytoplankton in the PIP.

5. Conclusions
The bloom of predominantly P. antarctica lasted more than two
months and apparently the ﬂux of Fe was sufﬁcient to support this.
We estimated the DFe uptake rate by the bloom in the PIP using
primary production and biomass as 775  10  6 mol m  2 d  1. The
range in this estimate depends especially on the Fe:C ratio used, as
values in the literature vary considerably (by a factor of 40).
We concluded that the increase of DFe and TDFe in the
inﬂowing MCDW from 0.2 to 0.4 nM DFe and from 4 to 7–14 nM
TDFe is due to Fe ﬂuxes from the sediment. A further increase to
0.57 nM DFe and 22.4–38 nM TDFe was observed near the
glaciers. In particular, near the glaciers, TDFe concentrations (up
to 100 nM) were extremely high compared to concentrations
found elsewhere. These high concentrations could be attributed
to release of DFe and TDFe by glacier melt.
Upwelling of MCDW in the PIP could account for 0.4–1.7% of
DFe needed by the phytoplankton bloom, vertical eddy diffusion
could add 1.0–3.8%, and sea ice melt could contribute up to 2.9%.
The lateral turbulent diffusion of DFe from the PIG to the middle
of the PIP could account for 34–131% of the DFe requirements in
the upper mixed layer, making it the biggest source of DFe and
the likely explanation for the bloom’s persistence.
The effect of glacier Fe source reached to a distance of
100–150 km and thus has here a local inﬂuence. However, lateral
transport can be increased to distances over 300 km by currents
as the Oyashio current in the Western Subarctic Paciﬁc (Nishioka
et al., 2011). Further studies are recommended with Southern
Ocean models to arrive at a large scale quantiﬁcation.
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The role of TDFe as source for phytoplankton growth is
unclear, although concentrations were very high, especially near
the glaciers. Accurate calculation of TDFe ﬂuxes is difﬁcult
because it is not known which fraction of the particulate Fe pool
is involved in upwelling and diffusion. TDFe could be an important Fe source where solubilization by a combination of photoreduction and complexation is possible.
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